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The Global Carbon Dioxide
Budget

Eric T. Sundquist

The increase in atmospheric CO,, levels during the last deglaciation was comparable in
magnitude to the recent historical increase. However, global CO, budgets for these
changes reflect fundamental differences in rates and in sources and sinks. The modern
oceans are a rapid net CO,, sink, whereas the oceans were a gradual source during the
deglaciation. Unidentified terrestrial CO, sinks are important uncertainties in both the
deglacial and recent CO, budgets. The deglacial CO, budget represents a complexity of
long-term dynamic behavior that is not adequately addressed by current models used to

forecast future atmospheric CO,, levels.

Biogeochemists are the budget experts of the
earth sciences. They monitor the income and
outgo of materials through intricate biological
and geochemical transactions. Budgets of
many elements—especially C, N, P, and
S—are necessary to understand the factors
that contribute to environmental problems
such as acid rain, eutrophication, and the
greenhouse effect. No biogeochemical prob-
lem has drawn more recent attention than the
global budget of atmospheric CO,.

For more than 20 years, the principal
problem in budgeting atmospheric CO, has
been the excess of known sources over
identified sinks. The amount of CO, pro-
duced by human activities (principally con-
sumption of fossil fuels and destruction of
forests) significantly exceeds our best esti-
mates of the amount of CO, absorbed by

The author is with the U.S. Geological Survey, Quissett
Campus, Gosnold Building, Woods Hole, MA 02543.

VOL. 259

12 FEBRUARY 1993

the oceans and atmosphere (Table 1). To
account for this budget imbalance (the
so-called “missing” CO,) there must be
another large CO, sink. This sink is prob-
ably somewhere in the world’s terrestrial
plants and soils, but its specific identity has
eluded detection. Although we can quanti-
fy the earth’s major C reservoirs and fluxes,
balancing the anthropogenic CO, budget
requires accounting for differences that are
often small relative to the natural exchange
and abundance of C (Fig. 1).

The CO, budget problem has assumed
greater urgency as the global community of
nations has begun serious negotiation of
measures to mitigate greenhouse warming.
Budgets of atmospheric CO, are used not
only to keep track of past and present
balances, but also to construct models that
forecast future trends. CO, is the principal
contributor to the expected increase in the
greenhouse effect and the inherent by-prod-



uct of more than 80% of the primary energy
used by the world’s population (I). Thus
international attention is focused on ques-
tions about the impact of reducing the
present exponential increase in human pro-
duction of CO,. Among these sweeping
and profoundly difficult concerns, questions
about the CO, budget are fundamental.
How will the balance of CO, sources and
sinks be affected by a stabilization or reduc-
tion of anthropogenic CO, production?
What CO, production strategies can be
accommodated if we want to limit future
atmospheric CO, concentrations? How
long will anthropogenic CO, persist in the
atmosphere? Where are the important CO,
sinks, and can they be manipulated? The
CO, budget has become a basic issue in
international negotiations concerning glob-
al environmental problems.

Biogeochemists have not confined their
search for answers to analysis of industrial-
era CO, budgets. Well-documented exam-
ples of past imbalances among natural
sources and sinks of CO, are evident in the
record of atmospheric CO, increase and
climate change at the end of the last ice age
about 10,000 to 20,000 years ago. An
inspection of the CO, budget for this period
demonstrates the complexity of the interac-
tions that control the balance in the atmo-
sphere and sets the stage for examination of
the recent CO, budget. This analysis re-
veals that anthropogenic CO, is a bio-
geochemical perturbation of truly geologic
proportions.

CO, Budget During Deglaciation

The changing atmospheric CO, balance at
the end of the Pleistocene is accurately
defined by the record of air bubbles trapped
in polar ice. The best ice core record to date
(from the Byrd station in Antarctica) shows
that CO, concentrations rose from 200 ppm
between 17,000 and 18,000 years ago to
280 ppm between 10,000 and 11,000 years
ago (2). This increase amounted to an

accumulation of 170 Gt of C (1 Gt = 10"

Table 1. IPCC global CO, budget for 1980-
1989 [as adapted from (38) by (56)].

Average flux

Reservoir (Gtof C
year~")

Sources
Fossil fuels 5405
Deforestation and land use 16+1.0
Total 7012

Sinks

Atmosphere 3.2+0.1
Oceans (modeled uptake) 20+038
Total 52+0.8
Imbalance (sources — sinks) 18+14

g) in the atmosphere at an average rate of
about 0.02 to 0.03 Gt of C per year. For
comparison, atmospheric CO, concentra-
tions have increased by almost the same
amount since the 18th century, but the rate
of CO, accumulation in the modern atmo-
sphere amounts to more than 3 Gt of C per
year. It is difficult to imagine any natural
process that could release CO, to the atmo-
sphere as rapidly as have human activities.
On the other hand, many processes must be
considered possible sources of the relatively
sedate increase in atmospheric CO, levels
at the end of the Pleistocene (3).
Terrestrial plants and soils were probably
a sink rather than a source of atmospheric
CO, at this time. Vegetation advanced into
the areas uncovered by the retreating ice
sheets, and tropical forests may also have
expanded into formerly dry regions (4).
The size of this CO, sink is difficult to
assess. Maps and models of the deglacial (5)
migration of vegetation and soils have
yielded widely disparate estimates (6).
These estimates are particularly susceptible
to misinterpretation of effects of coastline
retreat. As sea level rose more than 100 m
due to the melting ice sheets, nearshore
terrestrial ecosystems were progressively
flooded out of the terrestrial C budget.
However, these areas were blanketed by a
transgressive sequence of organic-rich near-
shore sediments that must also be tallied in
the global C budget. An approach that
yields the net effect of both terrestrial and
coastal changes is based on the change in
the ratio of the carbon isotopes '*C and *C
in the atmosphere and ocean. Because
photosynthesis preferentially removes '?CO,
from the atmosphere, a significant deglacial
accumulation of plant biomass and debris
would have left the atmosphere relatively
enriched in 3CO,. This enrichment would
have affected the '*C/!2C ratios in seawater
and in the calcareous shells of organisms

deposited in sediments. The expected at-
mospheric and oceanic shifts in 1>C/'?C
ratios have been documented in ice core
and marine sediment records (4, 7). They
suggest that during deglaciation about 450
to 750 Gt of C were transferred from the
oceans and atmosphere to terrestrial plants
and soils and nearshore organic sediments
(8). Thus the CO, budget for this period
must account for not only the CO, increase
in the atmosphere, but also several times
more C that passed through the atmospheric
CO, reservoir on its way to assimilation and
storage on land and in nearshore sediments.

The CO, fluxes associated with both
chemical weathering and volcanism are too
small to contribute significantly to the de-
glacial CO, increase. The present global
rate of CO, emission from volcanoes is
estimated at about 0.04 to 0.05 Gt of C per
year (9). Thus an increase of at least 50% in
volcanic CO, emissions would have been
necessary to account for only the rate of
CO, accumulation in the deglacial atmo-
sphere. An even greater increase would
have been necessary to support the addi-
tional accumulation of C in the terrestrial
biosphere, and still more to account for
extra CO, that would have been dissolved
in the oceans. There is no evidence for such
a drastic increase in global volcanism at the
end of the Pleistocene. There is some evi-
dence for a significant deglacial decrease in
terrestrial chemical weathering (10).
Weathering consumes CO, at a rate that is
thought to maintain a long-term geochem-
ical steady state with respect to volcanic
and other geologic CO, emissions (11). If
geologic CO, production remained con-
stant while weathering decreased, the effect
would have been the same as a small source
of atmospheric CO,, comparable in order of
magnitude to an increased volcanic source.
However, model simulations of the C cycle
suggest that such changes are at least an
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order of magnitude too small to account for
the increase of atmospheric CO, levels
during the deglaciation (12).

The probable source of the deglacial
CO, was the ocean. The glacial ocean
contained approximately 38,000 Gt of C,
whereas the atmosphere contained about
420 Gt of C (13). As in the modern ocean,
the glacial ocean C pool was not distributed
homogeneously. Studies of marine sedi-
ments show that the distribution of oceanic
C has shifted in concert with glacial-inter-
glacial climatic oscillations for millions of
years (14). During these shifts in the mas-
sive marine C reservoir, some CO, might
have leaked through the ocean surface to
cause significant changes in the much
smaller reservoir of atmospheric CO,. The
longest ice core record to date (from the
Vostok site in Antarctica) reveals not only
that atmospheric CO, levels increased at
the time of the most recent deglaciation,
but also that a similar oscillation in CO,
levels accompanied the earlier glacial-inter-
glacial cycle more than 100,000 years ago
(15). It seems reasonable to infer that
atmospheric CO, levels were also affected
by the many earlier glacial-interglacial C
redistributions recorded in marine sedi-
ments. Such changes in CO, and C reser-
voirs have become integral components of
theories that attempt to explain Pleistocene
climatic oscillations (16).

The ocean surface mixed layer cannot
be a large source or sink in the deglacial
CO, budget. Gas exchange with the at-
mosphere is so rapid that, for purposes of
calculating global budgets, the ocean sur-
face mixed layer can be assumed to be
effectively in chemical equilibrium with
atmospheric CO, (17). This equilibrium
involves not only the concentration of
dissolved CO, but also the much larger
pool of other dissolved inorganic C species
(carbonic acid, bicarbonate and carbonate
ions, and various complexes and ion
pairs). At equilibrium the proportional
change in total dissolved inorganic C con-
centrations is much smaller than the pro-
portional change in CO, levels. Thus
transfer of only about 30 Gt of dissolved
inorganic C from the deep sea to the
mixed layer was required to raise the ocean
surface equilibrium CO, concentration
from 200 to 280 ppm (18). The deglacial
CO, budget can be estimated as a deep
ocean CO, source balancing the sum of
equilibrium ocean surface enrichment, the
increase in atmospheric CO,, and the
increased storage of organic C in vegeta-
tion, soils, and sediments (Table 2).

This budget does not tell us much about
the mechanisms for delivering CO, from
the deep sea. Several processes act to hold
the equilibrium CO, concentration of the
ocean surface substantially below that for
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Table 2. Deglacial global CO, budget, 18,000
to 11,000 years ago. These estimates do not
include any net transfer of C to or from the
oceans as CaCO, (see text and Eq. 1).

. Total flux
Reservoir (Gt of C)

Source

Deep ocean 650 to 950
Sinks

Ocean surface 30

Atmosphere 170

Plants and organic debris 450 to 750

Total 650 to 950

the oceans as a whole. Dissolved CO, is
consumed in the mixed layer by photosyn-
thesis. Some of this assimilated C sinks as
organic debris to the deep ocean, where it is
largely remineralized to dissolved inorganic
C. Dissolved CO, is also carried downward
by the sinking of polar surface waters,
which are the principal source for replen-
ishing the ocean’s deep waters. These
downward pumps are balanced by upwelling
and other forms of vertical mixing between
deep and surface waters. Subtle changes in
the efficiencies of these pumping and mix-
ing processes may have caused CO, to leak
to and from the deep waters of the Pleis-
tocene oceans. However, no single mecha-
nism seems to be consistent with all of the
evidence in the sediment record. For exam-
ple, although there is evidence for en-
hanced low-latitude upwelling and produc-
tivity during the last glacial period (19),
suggesting more rapid vertical ocean mix-
ing, there is also evidence for reduced
glacial CO, exchange between the deep
ocean and the atmosphere (20). Model
simulations of glacial-interglacial changes
in CO, levels have repeatedly shown that
simple hypothesized mechanisms cannot re-
produce both the atmospheric CO, record
and the sedimentary evidence (21). In-
stead, an intricate combination of interde-
pendent changes seems to be required.

A significant difficulty in understanding
the oceanic origins of the deglacial increase
in CO, levels—and in calculating the CO,
budget properly—is the unknown contribu-
tion of changes in the cycling of marine C
as CaCQ;. Like dissolved CO,, this com-
pound is selectively removed from ocean
surface waters. CaCOj is the primary ma-
terial of coral reefs and the shells of many
marine organisms. Much of the CaCO;
precipitated in the ocean surface is eventu-
ally deposited in sediments or dissolved in
the deep sea. Unlike other ocean C trans-
formations (22), the production and disso-
lution of CaCO; significantly affect oceanic
alkalinity, as illustrated by the co-occur-
rence of dissolved bicarbonate and calcium
ions in the reaction
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CaCO; + H,0 + CO,<>Ca?* + 2HCO,~

This alkalinity effect gives a paradoxical
twist to the role of CaCO; in oceanic C
cycling. As exemplified by the above reac-
tion, production of CaCO; in the ocean
surface mixed layer decreases the alkalinity
and thus has the same effect as adding
dissolved CO,: an increase in the equilibri-
um CO, concentration, which can cause
CO, to be released to the atmosphere. Thus
the transfer of CaCOj to sediments and the
deep sea partially offsets the downward
pumping of oceanic CO, by other pro-
cesses.

Although CaCQOs; is produced by orga-
nisms nearly everywhere in the ocean
surface, its overall effect on the global
CO, budget also depends on the amount
of CaCO; that dissolves in the deep sea
because of its enhanced solubility there.
Like the CO, pumps, the CaCO; pump is
balanced by mixing between the ocean
surface and deep waters. A change in deep
sea CaCOj dissolution will affect alkalin-
ity. Changes in deep ocean alkalinity will
be mixed upward to the ocean surface,
where they may act as positive or negative
feedbacks in combination with other in-
fluences on atmospheric CO,. These feed-
backs are governed by the equilibrium
relations between alkalinity and dissolved
inorganic C species, which imply that
removal of a given amount of C as CaCO,
from the mixed layer will add about 0.6
times as much C to the CO, budget of the
atmosphere and ocean surface mixed layer
(23). Thus the role of CaCO; in the
deglacial CO, budget can be accommodat-
ed by the approximate equation

0.6 FCHCO, + FCOZ =
650 to 950 Gt of C (1)

where Fcaco, is the net excess of C in
CaCO; removed from the ocean (that is,
the deglacial change in CaCO; production
minus the change in dissolution) and F
is the amount of C in CO, transferred
from the deep sea to the ocean surface and
atmosphere by mechanisms independent
of the CaCO; balance. The right-hand
side of this equation is the total amount of
C removed from the deep sea during the
deglaciation (Table 2).

The marine sediment record displays
abundant evidence for widespread but com-
plex climate-related changes in oceanic
CaCO; production and dissolution (24).
Changes appear to have been most pro-
nounced during the transitions between
glacial and interglacial periods (25), where-
as global mean glacial and interglacial
CaCO; patterns are less distinct (26). Like
other sediment evidence, the CaCO,
record does not seem to be consistent with



a single mechanism for increasing CO, during
the last deglaciation. For example, an in-
crease in CaCO; production on carbonate
reefs and banks—caused by the rise in sea
level that accompanied destruction of large
ice sheets—has been suggested as a way of
leaking oceanic CO, to the atmosphere [the
so-called “coral reef hypothesis” (27)]. The
accompanying decrease in oceanic alkalinity
would have enhanced deep-sea CaCO, disso-
lution, a negative feedback to the hypothe-
sized influences of increased CaCO; produc-
tion on reefs and banks. In contrast, a degla-
cial leak of CO, from the deep ocean to the
ocean surface and atmosphere would have
attenuated deep-sea CaCO, dissolution, a
positive feedback to the transfer of CO, to the
atmosphere. It is quite possible that both of
these hypothesized mechanisms—with their
opposing effects on CaCO, dissolution—may
have affected the deglacial rise in atmospheric
CO, levels. To further complicate matters,
CaCO; solubility in the deep sea does not
behave like a simple chemistat, which would
tend to maintain the deep ocean at some
easily calculated mean saturation state. In-
stead, it responds in a way that tends to
maintain the overall balance between oceanic
alkalinity sources and sinks. These include
the transport of dissolved bicarbonate to the
oceans by rivers (the main alkalinity source)
and burial of CaCO; in sediments (the main
sink). Thus a change in the river bicarbonate
source or in the amount of CaCO); buried will
alter the state of CaCOj; saturation for the
entire deep sea. The sediment record of deep-
sea CaCO; dissolution, and its implications
for oceanic alkalinity, are among the most
important and complex keys to understanding
the geologic history of atmospheric CO,.

In summary, the deglacial CO, budget
reflects nothing less than a major reorganiza-
tion of the earth surface C cycle. The in-
crease in atmospheric CO, levels during this
period was not a sudden perturbation but a
systematic manifestation of vast changes
throughout the oceans and over the land
surface. Of course, CO, was not a passive
participant in these changes. Its greenhouse
effect likely contributed to the deglacial
global warming, which in turn contributed
to changes in ocean circulation, plant
growth, sea level rise, and other factors
affecting the C cycle. One measure of the
intensity of this interdependence is the dif-
ficulty of separating cause from effect in the
relations between climate indices and CO,
concentrations in ice cores (28). Climate
and the C cycle appear to have been so
tightly coupled that they must be considered
as parts of the same global system (29).

Historical and Recent CO, Budget

The anthropogenic CO, perturbation did
not begin against a background of steady

.

RTICLES

Table 3. Historical to recent global CO,, budgets. All totals are in gigatons of C. Two estimates are
given for ocean sinks in each time period: left-hand entry is from figure 42 of (37) (I extrapolated
from 1988 to 1990 by assuming a constant modeled residual in 1989 and 1990); right-hand entry is
from (62). Right-hand and left-hand entries in rows following ocean sinks are calculated from the

corresponding ocean sink estimates.

Year
Reservoir
1750 to 1850 1850 to 1950 1950 to 1990 1750 to 1990
Sources
Fossil fuels (63) 1 61+ 6 155 =16 217 £ 22
Land use (64) 40 + 12 69 + 21 53 =16 162 + 49
Total 41 +12 130 + 22 208 = 23 379 = 54
Sinks
Atmosphere (65) 21 50 89 160
Oceans 20 16 63 49 72 53 155 118
Total 41 37 113 99 161 142 315 278
Imbalance* 0 4 17 3 47 66 64 101
Modeled residualt 40 36 52 38 6 - 13 98 61

*Sources minus sinks. tLand use minus imbalance.

state. The deglacial CO, increase involved
many processes that are characterized by
long response times. The e-fold response
time of deep-sea CaCOj; dissolution has
been estimated at 6,000 to 14,000 years
(30). Similarly, the deglacial accumulation
of C in soils and sediments may be charac-
terized by time scales of thousands of years
and more (31). These long response times
suggest that the 7000-year deglacial in-
crease in CO, levels may not represent the
full extent of the biogeochemical adjust-
ments associated with the deglaciation.
The Byrd ice core record indicates that the
initial CO, increase to 280 ppm 11,000
years ago was followed by a reversal to
perhaps 245 to 255 ppm 9,000 years ago
and then a return to 260 to 280 ppm by
7,000 years ago (2). Although scattered,
the data may reflect a real atmospheric
response to long-term processes, such as
oceanic CaCOj dissolution or delayed ini-
tiation of widespread peat deposition (31).
Subsequent millennia are not well docu-
mented in the ice core record. By 1000
years ago atmospheric CO, concentrations
appear to have become relatively stable at
levels between 270 and 290 ppm (32, 33),
but a subtle decreasing trend (on the order
of a few parts per million per century) may
have persisted for three to four centuries
immediately preceding the modern increase
in CO, levels (34). Although these prein-
dustrial changes were certainly small rela-
tive to recent changes, it is not clear that
early human influences can be readily dis-
tinguished from natural trends in preindus-
trial atmospheric CO, levels.

The anthropogenic CO, perturbation
began somewhat gradually, making its onset
difficult to pinpoint in view of possible
subtle variations attributable to other caus-
es. The ice core record from the Siple
Station in Antarctica shows that atmo-
spheric CO, concentrations rose from near
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280 ppm in 1750 to just below 290 ppm in
1850 and about 310 ppm in 1950 (35). This
record beautifully overlaps the modern
record of atmospheric CO, monitoring be-
gun in the late 1950’s at Mauna Loa and the
South Pole (36, 37). In 1990 the mean
global CO, concentration was 353 ppm
(38). These values define an accumulation
of 160 Gt of C as atmospheric CO, from
1750 to 1990 (Table 3). More than half of
this amount accumulated after 1950.

The principal source of this atmospheric
increase was the production of CO, by
burning fossil fuels. Industrial activities (in-
cluding calcining limestone in the produc-

_ tion of cement) yielded about 220 Gt of C

as CO, between 1750 and 1990. Virtually
all of this production occurred after 1850,
and more than two-thirds occurred after
1950. Thus the production of industrial
CO, did not begin as early or increase as
gradually as the rise in atmospheric CO,.
Before industrial activities began to con-
tribute to the CO, budget, human activities
of another sort probably released significant
quantities of CO, to the atmosphere. Be-
tween 1750 and 1850 the conversion of
forests to agricultural use, particularly in
North America, may have released about
40 Gt of C as CO, from trees and soils (39).
This form of CO, release has likely grown
with population increase and agricultural
expansion in other areas, most recently in
the tropics. The effects of human land use
on the CO, budget are much more difficult
to assess than the amount of industrial CO,
released. Effects of diverse changes in land
use must be accounted for in many different
ecosystems. Although the harvesting of
wood and conversion of forests to pasture
and crops will always produce CO,, some
may be released immediately by.burning,
while some may be released slowly by decay
of wood and soil organic matter. Some CO,
may be reassimilated through afforestation
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Table 4. Net annual CO, budgets by latitude. All fluxes are in gigatons of C per year. Negative sign
indicates uptake from atmosphere. Scenario labels are 1, from (50), 1980 scenario; 2, from (55),
scenario 6; 3, from (56), revision of (55) scenario 6; 4, from (50), preindustrial scenario; 5, from (56),
preindustrial scenario; see text for discussion and (66).

Scenario
Reservoir
1 2 3 4 5
Extratropical Northern Hemisphere
Ocean —-2.6 -0.6 -0.7 -19 -0.3
Land -0.5 -2.4 -2.3 0.0
Total -3.1 -3.0 -3.0 -1.9
Equatorial
Ocean 1.4 1.3 1.2 2.0 1.7
Land 0.3 0.7 0.8 0.0
Total 1.7 2.0 2.0 2.0
Extratropical Southern Hemisphere
Ocean -1.0 -1.4 -1.6 -0.1 -0.8
Land -0.1 0.1 0.3 0.0
Total -11 -1.3 -1.3 -0.1
All latitudes
Ocean 2.2 -0.7 —1.1* 0.0 0.6
Land -03 —1.6 12t _0o —06
Total -2.5 -23 -2.3 0.0 0.0

*Subtract 0.6 river flux for total net oceanic uptake of anthropogenic CO, (—1.7).

net land uptake of anthropogenic CO, (—0.6).

and regrowth after logging or abandonment
of agricultural land. Thus an accurate bud-
get requires accounting for not only the
shifting geographic patterns of human land
use, but also the temporal fate of vegeta-
tion, soils, debris, and wood products fol-
lowing disturbance (40). For example, al-
though northern nontropical forests are
currently accumulating CO, due to re-
growth and afforestation (41), their net
effect on the CO, budget may be signifi-
cantly reduced because of oxidation of de-
bris and wood products from earlier harvests
(42, 59). There is general agreement that
tropical deforestation is a significant source
of CO,, but estimating the magnitude of
this source is still hindered by uncertainties
in the extent of deforestation, the contri-
bution of soil C, and the interpretation of
long-term reduction of biomass by selective
harvest of wood within forests (43). Com-
plexities such as these make the effects of
human land use one of the most uncertain
components of the global CO, budget.
Another area of significant uncertainty
is the amount of anthropogenic CO, that
has been absorbed by the oceans. Between
1750 and 1990 the ocean surface mixed
layer absorbed close to 20 Gt of C as CO,,
the amount necessary to maintain equilib-
rium with the increase in atmospheric CO,
concentrations (18). The uptake of addi-
tional anthropogenic CO, is limited by its
downward transport below the mixed layer.
This penetration would be easily detectable
with current analytical techniques if it
could be measured relative to a well-defined
background. However, just as the complex-
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tAdd 0.6 river flux for total

ities of ocean C distribution obscure the
mechanisms underlying the deglacial CO,
budget, they prevent easy discrimination of
the anthropogenic CO, signal from natural
trends. Estimates of oceanic CO, uptake
based on direct measurements are thus ten-
tative (44). Valuable constraints may be
provided by measured trends in '*C/'2C
ratios and atmospheric O, concentrations
(45). Such estimates will inevitably im-
prove as the signal becomes larger and as
more measurements are made.

Even as more direct estimates improve,
the principal basis for calculating oceanic
CO, uptake will remain ocean models,
which are required to integrate all of the
available measurements into global uptake
estimates. Such models vary widely in com-
plexity, ranging from box models [which
compute fluxes and amounts of C for large
averaged ocean regions; for example, see
(46)] to so-called “box-diffusion” models
[which combine box model calculations
with computation of vertical mixing using
diffusion equations; for example, see (47)]
to ocean general circulation models [which
compute ocean mixing from fluid dynamic
principles; for example, see (48)]. Models
designed to simulate CO, changes over
time scales of decades to centuries rely most
critically on formulations of gas exchange
and ocean mixing. Measurements of dis-
solved *C are used to calibrate model gas
exchange and mixing rates (49). Because
14C is produced only in the atmosphere it is
a particularly useful tracer for calibrating
the transfer of CO, from the atmosphere to
the oceans. The radiodecay of “C in deep
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ocean waters is a measure of their age with
respect to exchange at the surface with
atmospheric CO,. An additional injection
of anthropogenic '*C was produced as a
result of atmospheric nuclear weapons test-
ing in the 1960’. Although this “bomb”
14C obscures the natural *C distribution at
relatively shallow depths, it provides a use-
ful tracer for transport on a decadal time
scale, which is more appropriate for model-
ing anthropogenic CO, uptake.

Ocean models calibrated with the use of
both bomb and natural *C distributions
can be used with the ice core record of
atmospheric CO, levels to impose signifi-
cant constraints on the amount of CO, that
has been taken up by the oceans. The
models can be run with atmospheric CO,
concentrations forced to follow the ice core
record. This technique (sometimes called
deconvolution) yields not only an estimate
of CO, uptake but also a compatible esti-
mate of the time-dependent CO, source
necessary to account for both the modeled
oceanic uptake and the prescribed trend in
atmospheric CO, concentrations. By sub-
tracting the reasonably well-known rate of
industrial CO, production from the com-
puted source, it is possible to derive a
residual term that represents nonindustrial
CO, produced (or consumed) by processes
not included explicitly in the models. Com-
parison of this residual term with indepen-
dently estimated sources—particularly esti-
mates of CO, produced by changes in hu-
man land use—is a telling test of our ability
to balance the global CO, budget.

Table 3 compares independent source
estimates with results from two recent
ocean model deconvolutions for the years
1750 to 1850, 1850 to 1950, and 1950 to
1990. The results from these models reason-
ably represent the current range of esti-
mates for oceanic CO, uptake. The mod-
eled residual terms (the last row in the
table) compare favorably to recent esti-
mates of CO, emissions caused by changes
in land use (the second row in the table)
only for the period 1750 to 1850. Subse-
quent increases in the estimated land-use
source are not matched by the modeled
residual. In the period after 1950 when the
estimated emission rate from land use in-
creases to its highest level (primarily as a
result of tropical deforestation), the residual
terms approach zero. This trend toward
increasing disparity is reflected in an in-
creasing CO, budget imbalance between
known sources and identified sinks (the
second row from the bottom in Table 3).
The imbalance is equivalent in magnitude
to one-third to one-half of the cumulative
industrial CO, source, an amount too large
to be accommodated by uncertainties in the
other CO, budget terms. The imbalance
requires a large unaccounted CO, sink of
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about 60 to 100 Gt of C for the period 1750
to 1990. The identity of this sink could
theoretically be sought in either oceanic or
terrestrial processes not encompassed by the
other budget terms (or the models used to
calculate them). A terrestrial organic sink
is suggested by ocean model deconvolution
of the ice core record of stable carbon
isotopes in atmospheric CO, (50, 5I).
However, efforts to model the processes
responsible for this sink have not yielded a
satisfactory explanation, even when likely
terrestrial perturbations, such as effects of
global temperature variations and the hy-
pothesized fertilization of the biosphere by
increasing atmospheric CO, concentra-
tions, are combined (37, 52, 59).

Computation of the modern annual CO,
budget is inherently grounded in historical
trends. Estimates of both ocean uptake and
emissions resulting from land use require
accounting for effects that are integrated
over periods much longer than 1 year. Thus
it is not surprising that the historical CO,
budget imbalance is also conspicuous in the
modern annual budget (Table 1). Some
have pointed to numerous hypothetical
CO, sinks (such as forest growth or fertili-
zation of plants by anthropogenic N) that
might account for the annual imbalance
(38, 53). However, such potential sinks
must be considered to be tentative until
they can be documented historically in a
manner consistent with the historical ori-
gins of other modern CO, budget estimates.

The modern annual CO, budget is sub-
ject to additional constraints derived from
relatively recent measurements of the de-
tailed distribution of CO, in the atmo-
sphere. Industrial CO, accumulates in the
atmosphere of the Northern Hemisphere
more rapidly than it can be mixed south-
ward. The resultant north-to-south gradi-
ent in atmospheric CO, concentrations,
combined with estimates of the rate of
interhemispheric atmospheric exchange,
constrains the rate at which CO, reaches
the Southern Hemisphere through the
northern atmosphere. This constraint ap-
plies to most of the industrial CO,, because
nearly all of it is produced in the Northern
Hemisphere. The constrained southward
atmospheric transfer seems to imply that
ocean and land CO, sinks in the Southern
Hemisphere are relatively modest and, con-
versely, that CO, sinks in the Northern
Hemisphere are large (50, 54, 55). This
result was not predicted by models of his-
torical CO, uptake, which have generally
assumed that ocean CO, uptake is simply
proportional to ocean surface area.

The enhanced Northern Hemisphere
CO, sink has been attributed to both land
and ocean uptake. For example, two recent
studies (50, 55) used the observed distribu-

tion and modeled transport of atmospheric

R Th—
W

o

_—y
-

CO, to constrain the distribution of sinks
and nonindustrial sources (Table 4). These
studies yielded similar latitudinal distribu-
tions of total sources and sinks, but Tans et
al. (55) attributed the large Northern
Hemisphere sink to land, whereas Keeling
et al. (50) attributed it to the oceans. Both
budgets are defensible but also subject to
large uncertainties. Keeling et al. (50) con-
strained their simulations using atmospher-
ic BC/'’C ratios as well as CO, data and
suggested that this double constraint favors
a large northern ocean sink. Tans et al. (55)
did not use 3C/'?C data, but showed that
the Northern Hemisphere uptake suggested
by Keeling et al. does not appear to be
consistent with the most extensive ocean
surface data set available for directly esti-
mating net exchange of CO, between the
oceans and the atmosphere. Both budgets
do suggest, however, that the global bio-
sphere is a net sink for CO,, in spite of the
significant quantities of CO, released by
deforestation. The budgets differ in their
estimates of the magnitude of this sink,
particularly in the Northern Hemisphere.

What do these modern annual budgets
imply about the historical CO, budget? The
inference of a small net biosphere sink is
consistent with estimates of the CO, budget
imbalance since 1950 (Table 3), if the
imbalance is assumed to represent a terres-
trial biosphere sink. The small ocean sink
inferred from ocean surface CO, measure-
ments (Table 4, column 2) was originally
interpreted as a fundamental challenge to
the ocean models used to estimate both
historical and modern CO, uptake. How-
ever, corrections in the interpretation of
the ocean surface data appear to have min-
imized this inconsistency (56, 57). The
principal correction (Table 4, column 3)
was derived from consideration of the long-
term geochemical balance among CO, up-
take by weathering on land, delivery of C
by rivers to the oceans, and the ocean C
budget. Geochemists have long recognized
that this balance required a net flux of CO,
from the oceans to the atmosphere (58).
Part of the transfer of anthropogenic CO,
to the oceans simply offsets this long-term
flux, which must therefore be added to the
observed ocean surface CO, exchange to
yield an estimate of the anthropogenic flux
(56). Likewise, the land CO, budget de-
rived from such observations must be
adjusted to account for long-term geochem-
ical CO, uptake on land. When these
adjustments are applied, the total annual
oceanic CO, uptake is larger than that
estimated by Tans et al. and is within the
range predicted by ocean models.

Despite this corrected interpretation of
the data, the adjusted latitudinal distribu-
tion of oceanic uptake remains a significant
problem. The problem is most conspicuous
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in comparing the pre-1750 scenarios im-
plied by the modern annual CO, budgets
shown in Table 4. These scenarios (Table
4, columns 4 and 5) were calculated by
subtracting the modeled oceanic uptake of
anthropogenic CO, from the total oceanic
fluxes in the modern budgets for each lati-
tude zone. Whereas Keeling et al. postulat-
ed a large pre-1750 northern ocean CO,
sink (Table 4, column 4), no such sink is
observed in the pre-1750 scenario derived
from the budget constrained by Tans et al.
to fit modern CO, observations for the
ocean surface (Table 4, column 5). Al-
though the Keeling et al. scenario does not
include the long-term geochemical ocean
CO, source, no reasonable latitudinal allo-
cation of this source could resolve the
discrepancies between these pre-1750 sce-
narios. Thus, the small ocean CO, sink in
the Northern Hemisphere inferred from
ocean surface observations still appears to
require a large northern land sink. No
models of historical land use can accommo-
date this sink, yet it is difficult to under-
stand how such a large amount of CO,
could be accumulating unobserved on land
not affected by human use (59). These
problems must limit our confidence in our
understanding of both the modern and his-
torical CO, budgets.

CO, Budget Prognoses

Forecasts of future CO, emissions vary
widely, depending on assumptions about
such factors as population, economic
growth, energy supplies and technologies,
and land use. A recent summary listed
cumulative emissions estimates for the years
1990 to 2100 ranging from about 700 to
2100 Gt of C as CO, (60). Such diverse
estimates lead to comparably uncertain sce-
narios for future atmospheric CO, concen-
trations (38). Estimates of future CO, emis-
sions are therefore viewed by many as the
major uncertainty in anticipating atmo-
spheric trends. On the other hand, much
more confidence is generally placed in the
ability of C cycle models to forecast atmo-
spheric CO, for a given emissions scenario.
For example, the recent update report of
the Intergovernmental Panel on Climate
Change stated, “Future atmospheric CO,
concentrations resulting from given emis-
sions scenarios may be estimated by assum-
ing that the same fraction remained air-
borne as has been observed during the last
decade, that is, 46 = 7%” (38, p. 35).
Analysis of the deglacial and historical to
modern CO, budgets suggests that uncer-
tainties in net emissions forecasts should be
even greater and that confidence in mod-
eled CO, predictions should be much less.

The deglacial and recent CO, budgets
represent global perturbations of comparable
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magnitude but vastly different rates. Within
the next century the cumulative amount of
anthropogenic CO, (60) will probably exceed
the amount of CO, transferred from the deep
sea over a period of 7000 years at the end of
the last ice age. Whereas the deglacial change
appears to represent a collective transition
involving virtually all aspects of climate and
the global C cycle in ensemble, anthropo-
genic CO, is a singular top-down forcing
mechanism. We are injecting CO, directly
into the atmosphere, from whence it works its
way. downward into the land and sea by
assimilation and gas exchange. Likewise, the
greenhouse effect of anthropogenic CO, (and
other anthropogenic gases) is translated
downward from the atmosphere in the form of
heat transport through the ocean and land
surface. These changes may eventually lead to
broad adjustments in the C cycle and climate
system that are analogous in some ways to
those that occurred during the deglacial peri-
od. However, the fundamentally downward
forcing mode of the present CO, climate
transient is intrinsically different from the
nature of the deglacial transition.

In spite of these dissimilarities, the degla-
cial and recent CO, budgets reveal an impor-
tant shared problem. In both cases the mag-
nitude of large terrestrial CO, sinks must be
inferred from indirect evidence rather than
direct observations or records. The deglacial
CO, sink is best estimated from changes in
sediment 3C/'2C ratios, and the modern sink
is best estimated from the imbalances calcu-
lated from atmospheric and oceanic models.
Our reliance on these indirect methods is an
inevitable consequence of the difficulty of
assessing small differences between large and
heterogeneous terrestrial assimilation and res-
piration fluxes. Careful analysis of atmospher-
ic and oceanic CO, records may always con-
strain the magnitude of net terrestrial CO,
exchange at least as accurately as direct mon-
itoring of the land surface. Neither the degla-
cial nor the modern CO, budget will be
satisfactorily balanced, however, until it can
be related to specific identifiable CO, ex-
change processes. Forecasts of future CO,
budgets cannot be based on empirical extrap-
olation of present unexplained imbalances but
must be based on an understanding of the
processes that control CO, sources and sinks.
This understanding requires intensive direct
observation of terrestrial ecosystems and their
record of past behavior.

Understanding the modern CO, budget
also depends intrinsically on understanding
the historical and deglacial CO, budgets. For
example, the geochemical balance among
weathering, river transport, and sedimenta-
tion affected deglacial CO, through burial of
organic C in soils and nearshore sediments
and through control on the net CaCO; feed-
back. The same geochemical balance contrib-
utes terms that must be accounted in the
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terrestrial and oceanic components of the
modern annual CO, budget. Deglacial chang-
es in the accumulation of soil C and marine
CaCO; may not have reached a steady state
before the period of historical CO, budget
accounting. Even if these non-steady-state
fluxes did not contribute to significant chang-
es in atmospheric CO, before 1750, their
place in the modern CO, budget is difficult to
evaluate without the underpinnings of steady-
state assumptions. Estimates of modern CO,
sources and sinks must be consistent with
models that integrate historical and geological
effects.

Finally, analysis of the deglacial to re-
cent CO, budget illuminates the tremen-
dous diversity in processes and feedbacks
that control and respond to atmospheric
CO,. The oceanic and terrestrial contribu-
tions to the deglacial CO, budget—and the
large imbalance in the recent CO, bud-
get—suggest that both land and sea will
respond dynamically, not passively, to an-
thropogenic increases in atmospheric CO,
levels. Several important feedbacks will
extend to periods of millennia and longer.
Even the most straightforward and effective
geochemical CO, sink—marine CaCO,
dissolution—is revealed to be not so
straightforward and perhaps not totally ef-
fective (61). Thus, fundamental uncertain-
ties about the effects of anthropogenic CO,
extend to time scales well beyond the peri-
od of foreseeable management policies.
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